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INTRODUCTION

A variety of observations (Jeanloz 1995, Helffrich and Wood 1996, Irifune and
Isshiki 1998, Agee this volume) suggest that the upper mantle may be largely peridotitic
in bulk composition, perhaps approaching the composition of the model pyrolite (Ring-
wood 1989). What can be said about the composition and mineralogy of the lower man-
tle? Certainly we expect the mineralogy of the lower mantle to differ from that of shal-
lower regions, if only due to high-pressure phase transformations, but why might the bulk
composition of the lower mantle differ from that of the overlying material? Early partial
melting of the mantle (Herzberg and O’Hara 1985) may have resulted in large-scale dif-
ferentiation between upper and lower mantle, although elemental partitioning data appear
not to support such a model (Kato et al. 1988). Diffusive (Garlick 1969, Bina and
Kumazawa 1993) or convective (Weinstein 1992) processes acting across regions of
phase transition may have generated chemical separation between upper and lower man-
tie, but such processes would occur over inordinately long time scales in the absence of
fluid phases (Mao 1988). Perhaps more fundamentally, if chondritic meteorites (Anders
and Grevesse 1989) are taken as representative of the cosmochemistry of the solar nebula
from which the planet condensed, then a bulk earth whose whole mantle is of pyrolite
composition (Ringwood 1989) is deficient in silicon. Unless the excess silicon was taken
up in the core or volatilized during planetary accretion (Ringwood 1975), or unless the
chondritic model is not an appropriate model for the bulk earth (McDonough and Sun
1995), then the lower mantle should be enriched in silica relative to a pyrolitic upper
mantle. Early models of solar cosmochemistry indicated an iron deficit, suggesting that
the lower mantle might be enriched in iron relative to the upper mantle (Anderson
1989a), but subsequent calibration of photospheric spectra (Holweger et al. 1990,
Biémont et al. 1991) brought solar abundances into agreement with those of chondrites,
thus removing the cosmochemical argument for iron enrichment.

Aside from a few diamond inclusions that appear to represent low-pressure, back-
transformation products of lower mantle mineral assemblages (Kesson and Fitz Gerald
1991, Harte and Harris 1994, Harte et al. 1994), the lower mantle is not amenable to
direct sampling. Thus, the mineralogy and composition of this region must be inferred
via geophysical remote sensing, from (for example) observations of seismic waves and
electric fields at the surface. The processing of raw geophysical data lies beyond the
scope of this review, but an outline of how geophysical models are constructed (and
exposure to their associated terminology) can give valuable insight into potential uncer-
tainties. Furthermore, the models (e.g. three-dimensional seismic velocity structures)
which result from inversion of these data can be used to construct models of lower mantle
composition and mineralogy. Ideally, the resulting lower mantle mineralogical models
could then be tested by using them to predict the primary geophysical observations, in the
sort of forward modeling approach already applied in the transition zone (Helffrich and
Bina 1994). Many uncertainties remain in our understanding of the geophysical proper-
ties of minerals under lower mantle conditions, so that conclusions tentatively drawn
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herein may be subject to change in the wake of future measurements. However, while we
may not yet be “in possession of the talismans which are to open to thee the mineral
kingdoms and the centre of the earth itself” (Beckford 1786), the topics reviewed herein
should provide a framework for addressing unanswered questions as more data become
available.

RADIAL DENSITY AND VELOCITY PROFILES
Geophysical background

Deep earth structure is investigated seismologically by studying the propagation of
waves excited by earthquakes (or nuclear explosions). These can be thought of as body
waves (generally with periods of order 1 s), traveling along specific paths from source to
receiver, or as superpositions of normal modes of free oscillation (generally with periods
of order 100 s) of the entire planet. (They can also be thought of as surface waves, but
these are seldom employed for lower mantle study.)

1-D velocities. The speeds with which body waves travel through the earth’s inte-
rior are simply related to the density and elastic moduli of the material:

Vi=(Ks+3mip, Vi=ulp

where Vp is compressional wave (P-wave) velocity, Vs is shear wave (S-wave) velocity,
p is density, g is shear modulus, and K is adiabatic bulk modulus (used instead of the
isothermal modulus K because the characteristic time of the passage of seismic waves is
far shorter than that of thermal diffusion). P-waves, therefore, travel faster than S-waves
in the same medium. When comparing the results of seismological studies to laboratory
analyses of minerals, it is sometimes desirable to extract K in isolation from u, because
the former is often better constrained experimentally under deep mantle conditions than
the latter. To this end, the “bulk sound velocity” V, is defined:

Vi=Vi-3Vi=Ks/p

Although no wave actually travels at this speed in the solid earth (Bina and Silver 1997),
V, can be thought of as the speed of a sound wave in an equivalent liquid (because y
therein is always zero), and it can be measured in the laboratory from the slope of the
(adiabatic) static compression curve. As mineralogical equations of state for u(P,T)
improve in quality, use of V, in earth models should decline in favor of the more physi-
cally realizable V; and V5.

An initial goal of body-wave studies is to determine functions Vp(z) and Vg(2)
which describe the variation in seismic wavespeed with depth z. Because velocities gen-
erally increase with depth, seismic waves refract and bend toward the surface, with more
the steeply descending waves traveling a greater distance from the source before reaching
the receiver (Fig. 1a). Since the bending of the wave paths depends upon the velocity
gradients, the dependence of the travel-times of particular seismic waves (e.g. direct S-
waves, core-reflected P-waves, etc.) between source and receiver upon the distance
between source and receiver (sometimes plotted as a ““r-p” rather than a time-distance
relation) can be inverted for models of velocities as functions of depth (Lay and Wallace
1995). Like most inversions, the resulting velocity models are non-unique. Because they
exhibit correlated uncertainties, one cannot draw simple errors bars on the velocity pro-
files; a change in velocity at one depth must be compensated by a different change at
another depth. Furthermore, such inversions can exhibit strong dependence upon the
starting model, so that a discontinuity in the initial profile, for example, may not vanish in
the final profile even if its presence is not required by the data. Thus, uncertainties are
more often illustrated by- plotting several different velocity profiles that all fit the data
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equally well, sometimes beginning from different starting models (Kennett et al. 1995,
Montagner and Kennett 1996). In addition, the sensitivity of seismic waves to structure
is frequency-dependent, so that shorter wavelengths are required to resolve finer features
of the velocity profiles.

° \ \/} t \ 4

Figure 1. Seismic waves: Ray paths refract due to increase of velocity with depth (a). For sharp velocity
gradients, decper paths undergo greater refraction, resulting in a triplication (b). Boundary interactions
phases (c) may reflect (i, ii), reverberate (iii), convert between P and S (iv, v), both reflect and convert (vi),
or diffract (vii) at velocity discontinuities. Complete waveforms (d) contain more information than simply
the travel times of identifiable waves (e.g. PcP).

Fine structure. Fine features such as rapid velocity changes can be resolved by
study of additional properties of travel-time vs. distance behavior. At a given source-
receiver distance, for example, a single direct P-wave will generally arrive at the receiver,
and more steeply descending waves will arrive at more distant receivers (Fig. 1a). In a
zone of rapid increase in velocity, however, more steeply descending waves will have
their paths bent much more strongly than the more shallowly descending waves, so that
two or three distinct pulses, separated in time, may arrive successively at the receiver
from the gradient zone (Fig. 1b), in a phenomenon known as a “triplication.” It was by
observing such triplications that the major seismic velocity discontinuities in the mantle
were first detected (Byerley 1926, Jeffreys 1936). A region of decrease in velocity, on
the other hand, bends the wave paths oppositely, resulting in a “shadow zone” over
which no pulse at all arrives from the gradient region (Lay and Wallace 1995).

Triplications and shadow zones arise by refraction of seismic waves as they pass
through gradient zones. More detailed investigation of rapid changes in velocities with
depth can be performed through study of “boundary interaction phases” (Clarke 1993):
waves which are reflected, converted, or diffracted at gradient zones (Fig. 1c). Thus,
waves may reflect off the topside (i) or underside (ii) of a boundary (Shearer 1991a), with
underside reflections often appearing as precursors to waves which penetrated the bound-
ary only later to reflect off of the underside of some shallower boundary (such as the
earth’s surface). Waves which reflect multiple times between boundaries (iii) are known
as ‘“reverberations,” and because they spend so much time in the region between
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boundaries they can serve as sensitive probes of the properties of such zones (Revenaugh
and Jordan 1991a,b).. When a P- or §-wave is incident upon a boundary, the individual
wave may give rise to both transmitted P- and S-waves (with the restriction that S-waves
cannot propagate in liquids) in a process known as “mode conversion,” and such con-
verted waves may arise on either downgoing (iv) or upgoing (v) paths. Such conversions
may also generate reflected P- and S-waves, so that a boundary interaction phase may be
both converted and reflected (vi). Finally, a wave incident upon a boundary may be
“diffracted” so that it travels horizontally along the boundary itself (vii) before rising
once again to a receiver (Wysession et al. 1992, Silver and Bina 1993, Garnero et al.
1993). Because such waves undergo fundamental changes in character at the boundary,
their properties are sensitive to those of the boundary itself rather than only to average
properties across a broader region, thus making them valuable probes of mantle fine
structure.

For some time, seismologists focused upon the travel times of individual, identifi-
able waves, such as the distinct “PcP” reflection of a P-wave off of the core-mantle
boundary (Fig. 1d). While study of such travel times reveals much about deep earth
structure, much more information is contained in the complete waveforms, information
such as the relative amplitudes of waves and the existence of interaction phases from pre-
viously unsuspected boundaries. Originally, synthetic waveforms were calculated only in
a forward modeling approach, for relatively simple comparison with observed
waveforms, but advances in numerical modeling now permit actual iterative *“waveform
inversion” for earth structure (Nolet 1990, Zielhuis and Nolet 1994, van der Lee and
Nolet 1997).

Al of these aspects of body-wave analysis can be brought to bear upon the study of
rapid changes in seismic velocity or “discontinuities.” For such features, important
questions concern the depth, polarity (or sign), sharpness (or width), and magnitude (or
brightness) of the associated velocity contrast. The depth at which a velocity contrast
occurs can be determined from travel time vs. distance observations, but such estimates
depend upon the models assumed for shallow velocity structure (Walck 1984). Better
depth measurements can be obtained from boundary interaction phases by comparison to
reference waves which undergo no boundary interaction, by comparison to reference
waves with free surface interactions, or by measuring the differential times between
arrivals of different boundary interaction phases. The polarity of a velocity contrast,
whether it is a velocity increase or decrease, can be determined by looking for triplica-
tions or shadow zones in time-distance curves, or by comparing the upswing or down-
swing of boundary interaction phases to those of reference waves with either no boundary
interaction or a free surface interaction. The sharpness of a velocity contrast, in terms of
the depth extent over which it is largely complete, can be estimated from the frequency
range over which observable boundary interaction phases are detectable: broader bound-
aries will not reflect well at shorter wavelengths. Sharpness can also be estimated from
the spatial range over which a triplication is observable (Melbourne and Helmberger
1998), although this requires dense spatial coverage such as that afforded by an array.
While relative amplitudes of boundary interaction phases can also provide sharpness
information, their interpretation is generally model-dependent. Finally, the magnitude of
a velocity contrast can be estimated from the change in slope of time-distance curves at
triplications, but it is better determined from the amplitudes of boundary interaction
phases relative to reference waves. Such amplitudes yield impedance contrasts, so that
assumptions about densities are required to convert them to velocities, but the depen-
dence of reflection coefficients upon density is relatively weak for waves with grazing
paths (Lay and Wallace 1995). Both discontinuity sharpness and magnitude are generally
more difficult to resolve than depth and polarity. Furthermore, the apparent magnitude,
sharpness and depth measured by these methods will depend upon the frequencies of the
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seismic waves employed (Helffrich and Bina 1994).

Global averages. Radial velocity profiles can be constructed for specific regions
(Grand and Helmberger 1984), or an attempt can be made to construct a globally-aver-
aged profile (which may not correspond to real structure at any particular point on the
earth). Global profiles generally suffer from a bias toward the structure beneath conti-
nents, because most receivers are located on land. Global profiles are also designed for
differing purposes. While some (e.g. SP6 of Morelli and Dziewonski 1993) may repre-
sent attempts to model the actual globally-averaged structure of the earth, many (e.g.
IASP91 of Kennett and Engdahl 1991, AK135 of Kennett et al. 1995) are designed pri-
marily as ‘“‘machines” for generating travel times for waves useful in locating earth-
quakes. Indeed, these latter often come with warnings attached, advertising their “rela-
tively weak constraints on the details of the velocity distribution,” noting that a *variety
of styles of model give a similar level of fit to the data,” and urging caution in interpret-
ing them as any sort of “simple average of the earth” (Kennett and Engdahl 1991). The
properties of discontinuities, in particular, are usually poorly resolved by such models. A
picture of the global extent and properties of discontinuities can, however, be obtained by
global stacking of a large number of seismograms in such a manner that signals repre-
senting laterally coherent structure are mutually reinforced while incoherent noise is
damped through destructive interference (Shearer 1991b, Astiz et al. 1996).

Information on deep earth structure which is complementary to that obtained from
body wave studies can also be gleaned by analysis of the earth’s normal modes of oscilla-
tion as recorded on seismograms. Normal modes are equivalent to superpositions of
many different body waves, and both the frequencies and amplitudes of these waves
determine the resultant normal modes. As noted above in the context of body waves, the
amplitudes (controlled by various reflection and transmission coefficients) depend upon
impedance contrasts rather than simply velocity contrasts. Thus, measurements of the
eigenfrequencies of such free oscillations allow construction of radial profiles of density
(Masters 1979) as well as of P- and S-wave velocities (and also provide constraints upon
anisotropy and anelasticity, as discussed later). Furthermore, modes of varying degrees
(or spatial frequency) possess different profiles (or “kernels™) of depth-sensitivity (Lay
and Wallace 1995). Uncertainties in lower mantle p of the order of 0.10 g/cm® may arise
due to choice of starting model and treatment of anisotropy and attenuation (Montagner
and Kennett 1996). While such analyses yield good V; resolution (1066A and 1066B of
Gilbert and Dziewonski 1975), the low frequencies of most normal mode studies gener-
ally fail to resolve uncertainties in the fine structure of velocity and density profiles
(Montagner and Kennett 1996).

Body wave data may be added to normal mode data in joint inversions for radial
structure, thus providing improved Vp resolution as well (PREM of Dziewonski and
Anderson 1981). However, differences in geographic biases, frequency bands, and sensi-
tivity to anelasticity and anisotropy generally lead to systematic misfits with one data set
or another. Recently, methods of reconciling the body wave and normal mode data sets
have been explored, by first using body waves to constrain radial structure and disconti-
nuities and then using the eigenperiods of normal modes to extract density, anelasticity,
and anisotropy structure (Montagner and Kennett 1996).

Mineralogical interpretation

Given models of the radial variations of p, Vp, and V; in the lower mantle, our goal
is to calculate velocity and density profiles for a variety of candidate compositions, so as
to ascertain the compositions whose predicted elastic properties best fit the seismological
models. This may be done either by “adiabatic decompression” of lower mantle proper-
ties for comparison to aggregate mineral properties at zero pressure or by extrapolation of
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mineral properties to lower mantle conditions. We adopt the latter approach here, so as to
minimize the problems of parameter covariance associated with the former (Bukowinski
and Wolf 1990), but recent work has shown how consistent results may be obtained from
both approaches (Jackson 1998a). In accordance with a large body of experimental data,
we shall begin by assuming that the lower mantle consists largely of assemblages of
(Mg, Fe)SiO; silicate perovskite and (Mg,Fe)O magnesiowiistite, so that we can charac-
terize a candidate composition by the two molar ratios:

Xyg= Mg/ (Mg+Fe) , Xp,=Sil(Mg+Fe)

Equations of state. For each candidate composition, we wish to calculate densities
and seismic wave velocities at a variety of lower mantle pressures and temperatures, sO
we require thermoelastic equations of state for the relevant minerals (Bina and Helffrich
1992, Duffy and Wang this volume, Liebermann this volume). Fundamentally, the
required equations of state (EoS) must provide volume V as an explicit or implicit func-
tion of pressure P and temperature T. From such a V(P,T) function, we can calculate
both density p, from p = M / V where M is the molar mass, and bulk modulus K, from
Ky =-V(@P/9dV);. A variety of EoS parameterizations may be employed, but it is
common to write an EoS for the volume implicitly as P(V,T), thus allowing the follow-
ing differential expansion:

v

P trop
PV, T) = P(Vo,To) = | (a‘v’l af+ | (ﬁ) at
Vo 0 To v

The first term on the right-hand side is often called the “cold” pressure, and its inte-
grand can be written as —Kr / ¥, evaluated at the initial temperature Ty, where Kr is the
{sothermal bulk modulus. The integral is usually evaluated via a finite strain formalism,
such as the third-order Birch-Murnaghan equation:

Poo = 3Krof(1+ 21 - &)
=W/ VP =11, é=-3(K'r-9

where the reference isothermal bulk modulus Kro and its pressure derivative K'py are
evaluated at Ty and V,. Higher-order versions of the Birch-Murnaghan equation may
also be employed. Similarly, a logarithmic strain formalism (Poirier and Tarantola 1998)
could be used instead of this Eulerian finite strain formalism.

The second term on the right-hand side is generally called the “thermal” pressure,
and its integrand can be written as a K or, equivalently, as yCy / V, evaluated at the final
volume V, where « is the volume coefficient of thermal expansion, ¥ the Griineisen
parameter, and Cy the isochoric heat capacity. The integral can be evaluated using either
notation, but the former generally leads to a class of EoS involving integrals of the

Anderson-Griineisen parameter,
5r = il 9Ky = —Kr (?ﬂ\
K\ 9T Jp @ \OP
and some empirical form of polynomial expansion of a(T), such as:

a(T) = gy + a,T + azT_Z

Arbitrary polynomial expansions can exhibit pathological behavior (e.g. negative temper-
ature derivatives) at high temperatures and thus may not be optimal for extrapolating
beyond the range of experimental data, although the example given above works well for
oy >0, @ >0, and @; <0 because inflection points then lie in the domain of negative
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The latter notation yields a different class of EoS i ich i
the Mic-Grineisen Doy o oS, perhaps the simplest of which is

7
Purerma = 37 LEw(V.T) ~ Es(V, To)]

t3
dt

P -3 6p/T
Eu(V,T)=9nRT| =2 | .
th ) (T f R

Op=0pp(Vo /I VY? |, yp=yp(Vol V)4

where 6y, and yp, are the reference Debye temperature and Griineisen par

tively, and g gives the volume dependence of tge latter. This lattice dyl:la;lrir::ztle;ptrsg:cch
to the EoS need not be restricted to the form of a Debye model, however. The thermal
pressure can also be calculated from an explicit density of states, obtained from spectro-
scopic fiata, for example (Navrotsky 1994). Because such formalisms attempt to model
the lattlce.dynarmcal behavior of crystals at high temperatures, they can prove useful for
extrapolating beyqnd the range of experimental data for Debye-like (Anderson 1998) or
more compl.ex solids. Alternatively, a thermal pressure EoS can be obtained from simu-
lation techniques such as molecular dynamics.

Derivation of such mineral equations of state involves fitting values to u
coe'fﬁcxents_ by.inverting from V(P,T) measurements. Since thcsegcoefﬁcientos r:;l)(rr:s);xr:
various derivatives of V, care must be take to ensure that coverage of the P-T space is
adequate~ to constrain the values in question. Thus, while a given range of V(P) data may
be sufficient to constrain volume (and therefore density) over a certain range of pressure
the same data may not be sufficient to constrain bulk modulus (and therefore seismié
velocxfy) or other P- and T-derivatives over that range. Such EoS uncertainties can often
bfa fruitfully examined by determining the trade-offs among the various unknown coeffi-
cients to be fit to the data (Bell et al. 1987, Bina 1995).

Ideally, we would also like to have an additional equation of state for the shear mod-
ulus, u(P, T), to allow us to calculate independent P- and S-wave velocities, V, and V.
at a variety of lower mantle pressures and temperatures. Such relations for sl’1ea‘; modulsiy
howev;r, currently remain relatively poorly constrained under lower mantle conditions’
For this reason, the bulk sound velocity V, is often employed instead of the P- and S:
wave vglocmels, because V, is independent of the shear modulus, as noted above. (The
adiabatic and. isothermal bulk moduli, employed in seismic velocities and equations of
state, respectively, are related by K= Ky(1 + Tay)). Because shear moduli in many
cases appear to be significantly more sensitive to variations in temperature and chemistry
than bulk moduli, however, important advances in our understanding of the lower mantle
can be expected to accompany improved constraints upon shear EoS in the future.

F, T, and K profiles. Having obtained suitable equations of state, for V(P,T

Ky (P, T), aqd possibly u(P,T), we also require a profile of pressure P(z) as a fu(nc,tioz;
qf d.epth, which we can calculate by radial integration of the equation of hydrostatic equi-
librium, dP / dr =— p(r)g(r), where p(r) is obtained from a seismological reference
model such as AK135 (Kennett et al. 1995). Using the same p(r) profile, g(r) is calcu-
lated from Newton’s law of gravitation, g(r) = GM(r) / r, where G is the gravitational
c:;stant and M(r) the mass of that portion of the earth contained within a sphere of
radius r.

Next, we reqpire a profile of temperature T(z) as a function of depth. It is common
to begin by assuming such temperature profiles to be approximately adiabatic:
















































